Post-rift deformation, involving tectonic reactivation, has strongly affected the structure and fill of extensional basins and passive margins. The longlasting memory of the lithosphere appears to play a far more important role in basin reactivation than hitherto assumed (Van Wees & Beekman 2000; Ziegler et al. 2002) . A better understanding of the 3D linkage between basin formation and basin deformation is, therefore, an essential step in research that aims at linking lithospheric forcing and upper mantle dynamics to crustal uplift and erosion and their effect on the dynamics of sedimentary systems (Garcia-Castellanos et al. 2000) . Structural analysis of the basin architecture, including palaeostress assessment, provides important constraints on the transient nature of intraplate stress fields (Andeweg et al. 1999; Bada et al. 2001; Dèzes et al. 2004) .
Field studies of kinematic indicators and numerical modelling of present-day-and palaeostress fields in selected areas (e.g. Gölke & Coblentz 1996; Bada et al. 1998 Bada et al. , 2001 ) have yielded new constraints on the causes and the expression of intraplate stress fields in the lithosphere. Ziegler et al. (1998) demonstrated the key role of mechanical controls on collision related compressional intraplate deformation. These authors discussed the build-up of intraplate stresses in relation to mechanical coupling between an orogenic wedge and its fore-and hinterlands, as well as the implications to the understanding of a number of first order features in crustal and lithospheric deformation.
Temporal and spatial variations in the level and magnitude of these stresses have a strong impact on the record of vertical motions in sedimentary basins (Cloetingh et al. 1985 (Cloetingh et al. , 1990 Cloetingh & Kooi 1992; Zoback et al. 1993; Van Balen et al. 1998) . Stresses at a level close to lithospheric strength propagating from the margins of the Black Sea Basin into its interior had a strong effect on the stratigraphic record and the observed late-stage subsidence acceleration, presumably induced by lithospheric folding , similar to that recognized in the Pannonian and North Sea basins (Horváth & Cloetingh 1996; Van Wees & Cloetingh 1996) . Over the last few years increasing attention has been directed to this topic, advancing our understanding of the relationship between changes in plate motions, plate-interaction and the evolution of rifted basins (Sclater & Christie 1980; Ziegler 1988; Janssen et al. 1995; Doré et al. 1997; Lundin & Doré 2002 ) and foreland areas Ziegler et al. (1995 Ziegler et al. ( , 1998 Ziegler et al. ( , 2001 ). A continuous spectrum of stress-induced vertical motions can be expected in the sedimentary record, varying from subtle faulting effects (Ter Voorde & Cloetingh 1996; Ter Voorde et al. 1997) and basin inversion (Brun & Nalpas 1996; Ziegler et al. 1998) to enhancement of flexural effects to lithosphere folds induced by high levels of stress approaching lithospheric strengths (Stephenson & Cloetingh 1991; Burov et al. 1993; Nikishin et al. 1993; Cloetingh & Burov 1996; Bonnet et al. 1998; Cloetingh et al. 1999) .
Crustal and lithospheric folding can be an important mode of basin formation on plates involved in continental collision (Cobbold et al. 1993; Ziegler et al. 1995 Ziegler et al. , 1998 Cloetingh et al. 1999) . Numerical models have been developed for the simulation of the interplay of faulting and folding in intraplate compressional deformation (Beekman et al. 1996; Cloetingh et al. 1999; Gerbault et al. 1999) . Models have also been developed to investigate the effects of faulting on stress-induced intraplate deformation in rifted margin settings .
In this paper we focus on the connection between lithospheric strength and the post-rift compressional reactivation potential of passive margins and extensional basins. We first review the temporal and spatial evolution of lithospheric strength, and its consequences for deformation modes of the crust and lithosphere, in particular for rifted continental margins. We demonstrate that the compressional yield strength of passive margins can vary considerably, depending on the lithospheric configuration, sedimentary cover and age. These factors set the stage for a wide spectrum of the intensity of post-rift compressional deformation. Analogue tectonic experiments allow examination of the mechanisms of post-rift shortening of passive margins and study of the modes of compressional deformation. It appears that the influence of pre-existing structural heterogeneity at the lithospheric scale is key for an assessment of the relative role of lithospheric folding and basin inversion in post-rift compressional reactivation of passive margins and extensional basins.
Subsequently, the role of lithospheric rheology in compressional reactivation is discussed for several extensional basins formed within continental Europe and its margins. Thermo-mechanical models demonstrate that a transition in the mode and distribution in intraplate deformation in northwestern Europe can be explained by a strength reversal, in which the long-term increase in lithospheric strength by conductive cooling is followed by a more abrupt decrease in lithospheric strength resulting from the combined effect of changes in Moho depth due to the transition from rifting into inversion and heating by mantle plumes.
The post-rift evolution of the lithospheric strength may also play an important role in localizing compressional deformation in either the interior parts of extensional basins and/or at their margins. This is illustrated for the Black Sea Basin where post-rift compressional deformation appears to be restricted to the edges of the basin.
Another example of compressional reactivation of extensional basins is provided by the Pannonian Basin system, which is characterized by a high level of vertical motions, associated with the indenting motion of Adria into Europe and ongoing inversion. This area is situated on the hottest and weakest lithosphere of continental Europe, where recent changes in the intraplate stress field make this weak back-arc system prone to a high level of compressional deformation.
These examples illustrate the need to understand and constrain the role of the pre-rift thermomechanical configuration of passive margins and extensional basin systems for an assessment of their compressional reactivation potential.
Evolution of lithosphere strength and deformation modes

Rheology of the lithosphere
The strength of continental lithosphere is controlled by its depth-dependent rheological structure in which the thickness and composition of the crust, the thickness of the mantle lithosphere, the temperature of the asthenosphere, and the presence or absence of fluids, as well as strain rates play an important role. By contrast, the strength of oceanic lithosphere depends on its thermal regime, which controls its essentially age-dependent thickness (Kusznir & Park 1987; Cloetingh & Burov 1996; Watts 2001) . Figure 1 gives synthetic strength envelopes for three different types of continental lithosphere and for oceanic lithosphere at a range of geothermal gradients . These theoretical rheological models indicate that thermally stabilized continental lithosphere consists of the mechanically strong upper crust, which is separated by a weak lower crustal layer from the strong upper part of the mantle lithosphere, which in turn overlies the weak lower mantle lithosphere. By contrast, oceanic lithosphere has a more homogeneous composition and is characterized by a much simpler rheological structure. Rheologically speaking, thermally stabilized oceanic lithosphere is considerably stronger than all types of continental lithosphere. However, the strength of oceanic lithosphere can be seriously weakened by transform faults and by the thermal blanketing effect of thick sedimentary prisms prograding onto it (e.g. Gulf of Mexico, Niger Delta, Bengal Fan; Ziegler et al. 1998) .
The strength of continental crust depends largely on its composition, thermal regime and the presence of fluids, and also on the availability of pre-existing crustal discontinuities. Deep-reaching crustal discontinuities, such as thrust-and wrench-faults, cause significant weakening of the otherwise mechanically strong upper parts of the crust. These discontinuities are apparently characterized by a reduced frictional angle, particularly in the presence of fluids (Van Wees & Stephenson 2000) . They are prone to reactivation at stress levels that are well below those required for the development of new faults. Deep reflection-seismic profiles show that the crust of Late Proterozoic and Palaeozoic orogenic belts is generally characterized by a monoclinal fabric that extends from upper crustal levels down to the Moho at which it either soles out or by which it is truncated . This fabric reflects the presence of deep-reaching lithological inhomogeneities and shear zones.
The strength of the continental lithospheric upper mantle depends to a large extent on the thickness of the crust but also on its age and thermal regime. Thermally stabilized, stretched, continental lithosphere with a 20 km thick crust and a lithospheric mantle thickness of 50 km is mechanically stronger than unstretched lithosphere with a 30 km thick crust and a 70 km thick lithospheric mantle (compare Fig. 1b & d) . Extension of stabilized continental crustal segments precludes ductile flow of the lower crust and faults will be steep to listric and propagate towards the hanging wall, i.e. towards the basin centre . Under these conditions, the lower crust will deform by distributing ductile shear in the brittleductile transition domain. This is compatible with the occurrence of earthquakes within the lower crust and even close to the Moho (e.g. southern Rhine Graben: Bonjer 1997; East African rifts: Shudofsky et al. 1987) .
On the other hand, in young orogenic belts, which are characterized by crustal thicknesses of up to 60 km and an elevated heat flow, the mechanically strong part of the crust is thin and the lithospheric mantle is also weak (Fig. 1c) . Extension of this type of lithosphere, involving ductile flow of the lower and middle crust along pressure gradients away from areas lacking upper crustal extension into zones of major upper crustal extensional unroofing, can cause crustal thinning and thickening, respectively. This deformation mode gives rise to the development of core complexes with faults propagating towards the hanging wall (e.g. Basin and Range Province : Wernicke 1990; Buck 1991; Bertotti et al. 2000) . However, crustal flow will cease after major crustal thinning has been achieved, mainly due to extensional decompression of the lower crust .
Generally, the upper mantle of thermally stabilized, old cratonic lithosphere is considerably stronger than the strong part of its upper crust (Fig. 1a , Moisio et al. 2000) . However, the occurrence of upper mantle reflectors, which generally dip in the same direction as the crustal fabric and are probably related to subducted oceanic and/or continental crustal material, suggests that the continental lithospheric mantle is not necessarily homogenous but can contain lithological discontinuities that enhance its mechanical anisotropy (Vauchez et al. 1998; Ziegler et al. 1998) . Such discontinuities, consisting of eclogitized crustal material, can potentially weaken the strong upper part of the lithospheric mantle. Moreover, even in the face of similar crustal thicknesses, the heat flow of deeply degraded Late Proterozoic and Phanerozoic orogenic belts is still elevated as compared to adjacent old cratons (e.g. Pan African belts of Africa and Arabia ; Janssen 1996) . This is probably due to the younger age of their lithospheric mantle and possibly also to a higher radiogenic heat generation potential of their crust. These factors contribute to weakening of former mobile zones to the end that they present rheologically weak zones within a craton, as evidenced by their preferential reactivation during the breakup of Pangaea (Ziegler 1989a, b; Janssen et al. 1995; Ziegler et al. 2001) .
From a rheological point of view, the thermally destabilized lithosphere of tectonically active rifts, as well as of rifts and passive margins that have undergone only a relatively short post-rift evolution (e.g. 25 Ma), is considerably weaker than that of thermally stabilized rifts and of unstretched lithosphere (Fig. 1f & g; Ziegler et al. 1998) . In this respect, progressive mechanical and thermal thinning of the lithospheric mantle and its substitution by the upwelling asthenosphere is accompanied during rifting, by a rise in geotherms causing progressive weakening of the extended lithosphere. In addition, permeation by fluids causes further weakening (Fig. 1g) . Upon decay of the rift-induced thermal anomaly, rift zones are rheologically speaking, considerably stronger than unstretched lithosphere (Fig. 1) . However, accumulation of thick syn-and post-rift sedimentary sequences results in thermal blanketing that causes a weakening of the strong parts of the upper crust and lithospheric mantle of rifted basins (Stephenson 1989) . Moreover, as faults permanently weaken the crust of rifted basins, they are prone to tensional as well as compressional reactivation (Van Wees & Beekman 2000; Ziegler et al. 1995 Ziegler et al. , 1998 Ziegler et al. , 2001 Ziegler et al. , 2002 . As the structure of passive continental margin lithosphere is areally heterogeneous, its weakest parts start to yield first, once tensional or compressional intraplate stress levels equal their strength. 
Strength evolution of rifted continental margins
During rifting, culminating in the opening of new Atlantic-type oceanic basins, the continental lithosphere is stretched and the subcrustal mantle thermally attenuated (Fig. 2) , particularly in the presence of a mantle plume. Upon termination of rifting activity, or after crustal separation has been achieved and the respective passive margins have moved away from the seafloor spreading axis, the thermally destabilized continental lithosphere re-equilibrates with the asthenosphere (McKenzie 1978; Steckler & Watts 1982; Wilson 1993; Ziegler 1996) . During this process new mantle lithosphere, consisting of cooled asthenospheric material, is accreted to the attenuated old continental mantle lithosphere. This aspect is emphasized in Figure 2 as rheological properties of old and new mantle lithosphere may differ.
Rifts superimposed on ancient suture zones often display the geometry of simple-shear lithospheric extension (e.g. central Atlantic, Gulf of Suez; Favre & Stampfli 1992) . Pre-existing crustal and mantle lithospheric discontinuities, as well as the mechanical anisotropy of the lithospheric mantle, probably determine their location and polarity (Pique & Laville 1995; Vauchez et al. 1998) . On the other hand, rifts cross-cutting the orogenic fabric of the crust (e.g. Labrador Sea, North Sea rift) are more prone to display a pure-shear geometry (Ziegler 1996) . Under conditions of pureshear lithospheric extension, conjugate passive margins are likely to display at the crustal separation stage a more or less symmetrical lithospheric configuration. Therefore, their post-rift evolution is similar with variations in their rheological structure depending largely on the thickness of the passive margin sedimentary wedge (starved versus overfilled, e.g. SE Greenland and Labrador margins; Chalmers & Laursen 1995) . However, under conditions of simple-shear extension, the lithospheric configuration of conjugate margins can differ considerably at the end of the rifting stage (Fig. 3) . At lower plate margins, the crust can be highly extended whereas the continental mantle lithosphere may be little attenuated; in their distal parts, the old mantle lithosphere can be denuded and in sheared contact with rotated upper crustal fault blocks and syn-rift sediments. In contrast, at upper plate margins, the crust may be less extended whereas the continental mantle lithosphere can be strongly attenuated with asthenospheric material ascending close to the base of the crust (Wernicke 1985; Wernicke & Tilke 1989; Boillot et al. 1989; Lister et al. 1991; Favre & Stampfli 1992; Pique & Laville 1995; Brun & Beslier 1996; Froitzheim & Manatschal 1996) .
These differences in lithospheric configuration of simple-shear conjugate margins at the end of the rifting stage evidently have repercussions for their post-rift subsidence history and on their rheological structure, even after full thermal relaxation of the lithosphere.
Palaeostress analyses provide evidence for changes in the magnitude and orientation of intraplate stress fields on time scales of a few Ma (Bergerat 1987; Dèzes et al. 2004; Letouzey 1986; Philip 1987) . Thus, in an attempt to understand the evolution of a post-rift basin, the effects of tectonic stresses on subsidence must be separated from those related to thermal relaxation of the lithosphere (Cloetingh & Kooi 1992) .
In response to the build-up of far-field compressional stresses, rifted basins, characterized by a strongly faulted and thus permanently weakened crust, are prone to reactivation at all stages of their post-rift evolution, resulting in their inversion (Ziegler 1990; Ziegler et al. 1995 Ziegler et al. , 1998 Ziegler et al. , 2001 . Only under special conditions can gravitational forces associated with topography around a basin cause its inversion (Bada et al. 2001) .
Rheological considerations indicate that the lithosphere of thermally stabilized rifts, lacking a thick post-rift sedimentary prism, is considerably stronger than the lithosphere of adjacent unstretched areas ). This contradicts the observation that rift zones and passive margins are preferentially deformed during periods of intraplate compression . However, burial of rifted basins under a thick post-rift sequence contributes by thermal blanketing to weakening of their lithosphere (Stephenson 1989; Van Wees 1994) , thus rendering it prone to tectonic reactivation.
In order to quantify this effect and to assess the reactivation potential of conjugate simple-shear margins during subduction initiation, their strength evolution was modelled and compared to that of oceanic crust (Ziegler et al. 1998) . By applying a 1D two-layered lithospheric stretching model, incorporating the effects of heat production by the crust and its sedimentary thermal blanketing, the thermo-mechanical evolution of the lithosphere was analysed in an effort to predict its palaeorheology Bertotti et al. 1997) .
For modelling purposes, a time frame of 100 Ma was chosen. Of this, the first 10 Ma (between 100 Ma and 90 Ma in Fig. 3 ) correspond to the rifting stage, culminating in separation of the conjugate upper and lower plate margins, and the following 90 Ma to the seafloor spreading stage during which oceanic lithosphere is accreted to the diverging plates. For modelling purposes, it was assumed that the pre-rift crustal and mantle lithosphere thickness are 30 km and 70 km, respectively, and that at the end of the rifting stage the upper plate margin has a crustal thickness of 15 km (d ¼ 2) and a remaining mantle lithosphere thickness of 7 km (b ¼ 10), whereas the lower plate margin has a crustal thickness of 10 km (d ¼ 3) and a mantle lithosphere thickness of 63.6 km (b ¼ 1.1) (d and b are respectively the crustal and subcrustal stretching factor (Royden & Keen 1980) ). Results show that through time the evolution of strength envelopes for lower and upper plate passive margins differs strongly. In principle, during rifting increased heating of the lithosphere causes its weakening; this effect is most pronounced at the moment of crustal separation. However, upper and lower plate margins show a very different evolution, both during the rifting and post-rift stage.
At the moment of crustal separation, upper plate margins are very weak due to strong attenuation of the mantle lithosphere and the ascent of the asthenospheric material close to the base of the crust. During the post-rift evolution of such a margin, having a crustal thickness of 15 km, the strength of the lithosphere increases gradually as new mantle is accreted to its base and cools during the re-equilibration of the lithosphere with the asthenosphere (Figs 3a, 4a) . In contrast, the evolution of a sediment starved lower plate margin with a crustal thickness of 10 km is characterized by a synrift strength increase due to extensional unroofing of the little attenuated mantle lithosphere; the strength of such a margin increases dramatically during the post-rift stage due to its progressive cooling (Figs 3b, 4b) . At the time frame of 0 Ma, a sediment starved lower plate margin is considerably stronger than the conjugate upper plate margin for which a sedimentary cover of about 7 km was assumed. The strength evolution of an upper plate margin is initially controlled by the youthfulness of its mantle lithosphere and its thicker crust, and later by the thermal blanketing effect of sediments infilling the available accommodation space. On the other hand, the strength of oceanic lithosphere, that is covered by thin sediments only, increases dramatically during its 90 Ma evolution and ultimately exceeds the strength of both margins, even if these are sediment starved (Figs 3c, 4) . However, the strength of 90 My old oceanic lithosphere that has been progressively covered by very thick sediments is significantly reduced (Fig. 3d) to the point that it approaches the strength of a sediment filled lower plate margin (Fig. 4) .
To test the effects of sediment infill and thermal blanketing on the strength evolution of upper and lower plate passive margins, a wide range of models was examined, assuming that sediments completely fill the tectonically-created accommodation space (sediment overfilled), adopting different sediment densities and corresponding sediment thickness variations (Fig. 4) . Results show that a thick syn-and post-rift sedimentary prism markedly reduces the integrated strength of a margin. However, despite the strong sediment fill effect on the integrated strength, earlier identified first order differences between upper and lower plate margins remain. Compared to oceanic lithosphere, both with a 1 km sedimentary cover (Figs 3c and Fig. 4 ) and a 15 km thick cover (Fig. 3d) The modelling shows that the compressional yield strength of passive margins can vary considerably, depending on their lithospheric configuration, sedimentary cover and thermal age. Lower plate margins, at which much of the old continental mantle lithosphere is preserved, are considerably stronger than upper plate margins at which asthenospheric material is accreted to the strongly attenuated old mantle lithosphere. Although mature oceanic lithosphere is Fig. 4 . Integrated compressional strength evolution of sediment-starved and sediment-filled (a) upper plate, and (b) lower plate passive margins, compared to the integrated strength evolution of oceanic lithosphere with thin and thick sediment cover as in Fig. 3 . Shaded areas demonstrate strong sensitivity of integrated strength to sediment infilling, ranging from sediment starvation (highest strength values) to complete fill of accommodation space (dark shading, lowest strength values). Curves in dark shaded area correspond to different sediment densities and related range in sediment thickness (after Ziegler et al. 1998 
Lithospheric folding and inversion
Folding of the lithosphere appears to play a more important role in the large-scale neotectonic deformation of extensional basin systems in intraplate areas than hitherto realized . Lithospheric folding is a very effective mechanism for the propagation of tectonic deformation from active plate boundaries far into intraplate domains (e.g. Stephenson & Cloetingh 1991; Burov et al. 1993; Ziegler et al. 1995 Ziegler et al. , 1998 Ziegler et al. , 2002 Burov & Molnar 1998) . The large wavelength of vertical motions associated with lithospheric folding (Cloetingh & Burov 1996 ) necessitates integration of available data from relatively large areas (Elfrink 2001) , often going beyond the scope of regional structural and geophysical studies that target specific structural provinces. Recent studies of the German Basin (Bayer et al. 1999) have revealed the importance of its structural reactivation by lithospheric folding (Marotta et al. 2000) . Similarly, folding of the Variscan lithosphere has been documented for Brittany (Bonnet et al. 2000) , the adjacent Paris Basin (Lefort & Agarwal 1996; Guillocheau et al. 2000) and the Vosges -Black Forest arch (Dèzes et al. 2004) .
The wavelength of the folds in Brittany is 250 km, pointing to a lithospheric mantle control of the deformation (Bonnet et al. 1998 (Bonnet et al. , 2000 . As pointed out by Bonnet et al. (2000) the spatial pattern and the timing of the uplift inferred from river incision studies of Brittany is incompatible with a glacioeustatic origin. These authors link the observed patterns of vertical motions in NW France to the NW-SE directed principal compressional axis of the present-day intraplate stress field of NW Europe. The stress-induced uplift pattern appears to control the amount of fluvial incision in the area as well as the location of the main drainage divides. The area located at the western margin of the Paris Basin and the Atlantic rifted margin of France has been subject to thermal rejuvenation during Mesozoic extension related to North Atlantic rifting Robin et al. 2003; ) and subsequent compressional intraplate deformation (Ziegler et al. 1995) , also affecting the Paris Basin (Lefort & Agarwal 1996) . Levelling studies in this area (LeNotre et al. 1999 ) also point towards its ongoing deformation.
An interesting analogue on the scale of a microcontinent affected by a succession of collisional events is provided by Iberia , a well-documented natural laboratory for quantifying the interplay of neotectonics and surface processes (Garcia-Castellanos 2002; Garcia Castellanos et al. 2003 ; for a general discussion see Cloetingh et al. 1999 and ). An important factor in favour of a lithospherefolding scenario for Iberia is the compatibility of the wavelength of observed deformations, the thermotectonic age of the lithosphere and the total amount of shortening with well documented examples of continental lithospheric folding coming from other cratonic areas (Cloetingh & Burov 1996) .
A prominent example of lithospheric folding occurs in the Western Goby area of Central Asia, involving a lithosphere with a thermo-tectonic age of 400 Ma. In this area, mantle and crustal wavelengths are respectively 360 km and 50 km, with a shortening rate of c. 10 mm/a and a total amount of shortening of 200-250km during 10-15 Ma Burov & Molnar 1998) .
The inferred wavelengths of these neotectonic lithosphere folds are consistent with the general relationship that was established between the wavelength of lithospheric folds and the thermo-tectonic age of the lithosphere on the base of an inventory of global examples of lithospheric folding (Cloetingh & Burov 1996) . In a number of other areas of continental lithosphere folding, also smaller wavelength crustal folds have been detected, for example in Central Asia Nikishin et al. 1993; Cobbold et al. 1993) .
Compressional deformation of the lithosphere: insights from analogue tectonic experiments
Analytical, numerical and analogue modelling has focused mostly on buckling instabilities developing in a rheologically layered media representing the Earth's lithosphere in convergent tectonic environments (Zuber 1987; Martinod & Davy 1992 Burg et al. 1994; Martinod & Molnar 1995; Cloetingh et al. 1999; Gerbault et al. 1999; Montesi & Zuber 2003) . Sokoutis et al. (2000 Sokoutis et al. ( , 2005 showed the strong influence of lateral variations in crustal thickness on the collisional deformation pattern. These findings suggest that adjacent parts of a compressionally reactivated system may exhibit different deformation styles depending on the local conditions. They demonstrate that the rheological properties of the lithosphere-asthenosphere system are essential to understand compressional deformation (Davy & Cobbold 1991 and references therein).
Below we discuss the mechanisms of shortening of continental lithosphere and the relationships of flexural buckling in the mantle layer and faulting in the uppermost brittle layer. The above aspects are approached through analogue experiments of Sokoutis et al. (2005) addressing the role of: (1) a suture zone separating blocks with different thickness; (2) weak crustal layers; and (3) mantle strengths.
Experimental setup
Two types of models are discussed: Type-1 experiments investigate shortening of a uniformly thick lithosphere, and Type-2 experiments simulate shortening of two welded lithospheres with different thickness (Fig. 5 ). The brittle-ductile layering of the continental lithosphere refers to geophysical data and extrapolation of laboratory experiments (e.g. Kirby 1983 Kirby , 1985 Carter & Tsenn 1987; Ranalli 1995 Ranalli , 1997 . Analogue materials were employed to construct 3-layer (brittle/weak ductile/strong ductile) systems (representing the lithosphere) floating on top of a heavy ductile fluid (representing the asthenosphere) (e.g. Davy & Cobbold 1991; Brun 1999 Brun , 2002 .
The geometries and rheologies of analogue models necessarily simplify the natural complexity. The rheology of rocks is known to be strongly temperature dependent and therefore varies with depth (e.g. Ranalli 1995 Ranalli , 1997 , but in analogue experiments the materials have a homogeneous rheology, which is a major simplification. However, representing the lower crust and upper mantle by a uniform layer, with depth-invariant properties is a justifiable first-order approximation that has been employed in other experiments (e.g. Davy & Cobbold 1988 , 1991 . On the other hand, since the detailed rheology of rocks in nature is imprecisely constrained, our choice of viscous rheology for the lower crust and upper mantle may be valid, though a non-linear rheology for these layers is perhaps more appropriate.
The Type-1 model represented a cold lithosphere with a relatively strong mantle. When subjected to horizontal shortening the primary mode of deformation of this model is characterized by buckling with a first-order wavelength (l 1 ) of c. 7.7 cm (Fig. 6a,b) . The surface structural pattern ( Fig. 6a ) is dominated by linear regions corresponding in sections ( Fig. 6b ) to prismatic pop-ups and pop-downs in the experimental upper brittle crust, still identifying a second-order wavelength (l 2 ). In section, the deformed part of the model underwent thickening by box folding and thrusting. Again, shortening is taken up through closure of prismatic basins lying above a downwarped mantle layer.
Influence of mantle strength
The role of the mantle rheology is made evident by comparing the results of Type-1 models, which have a normal mantle, and Type-2 models, which have a strong mantle. The Type-2 strong mantle allowed amplified folding of the experimental lithosphere configuring a megafold pair (Fig. 6d) . The pre-existing suture focused the synclinal depression ( Fig. 6c ) in which the brittle crust thickened by complex wedging whereas a lithospheric anticline formed on the thinner block ( Fig. 6d) (Burg et al. 2002) . This geometry compares well with numerical models involving a strong upper mantle decoupled through a weak lower crust from the uppermost brittle crust .
From buckling to thrusting and basin inversion
Model shortening followed three main phases in temporal sequence (see also Martinod & Davy 1994; Burg et al. 1994) : (1) lithospheric buckling; (2) faulting at the inflection points of buckles that evolved in the orogenic areas to the development of: (3) large strain zones (S-belts) closing prismatic basins along upward-converging conjugate thrusts (Fig. 6b) .
Buckling of continental and oceanic lithospheres has been recognized in theoretical, numerical and geophysical studies (e.g. Stephenson & Cloetingh 1991; Nikishin et al. 1993; Burg & Podlachikov 1999; Cloetingh et al. 1999 Cloetingh et al. , 2002 ; and references therein) as well as in experimental works (e.g. Martinod & Davy 1994) . In the work presented here, the geometry of buckling depended on the rheology of the experimental lithosphere. Twolayer models may represent the oceanic lithosphere and any continental lithosphere without strong mantle (Martinod & Davy 1994) . The scaled first-order wavelength in these models is c. 150-160 km, which is c. 4-5 times the lithospheric thickness. Three-layer models represent a thicker lithosphere with a strong mantle. The first-order buckling wavelength scales up to c. 385 km, about 3.8 times the lithospheric thickness. The spacing of structures in the upper crust corresponds to a second-order wavelength scaling to c. 165 km, which is c. 5.5 times the upper crustal thickness.
In the Type-2 model, up-scaled first-order wavelengths vary between c. 150-550 km, whereas the second-order wavelength of deformation is in the range of c. 80 -150 km for the upper crust. In this model, normalization of the first-order wavelength to lithospheric thickness yields values of 4.1-5.5, and second-order wavelength normalized to the thickness of the upper crust is 4.6-6.
Plotting the depth -integrated strength (e.g. Davy & Cobbold 1991) scaled to nature versus scaled model wavelengths shows two distinct clusters depending upon the mantle strength (Fig. 7) . Specifically, models built with a weak mantle exhibit a constant wavelength that is apparently not affected by the predefined suture (Sokoutis et al. 2005) . Conversely, models with a strong mantle (i.e strong lithosphere) display:
(1) longer wavelengths than those with relatively weak mantle; (2) the presence of a suture zone tends to increase the wavelength; and (3) a weak crustal layer decreases the wavelength (Fig. 7) .
In essence, modelling results show the development of periodic instabilities at two distinct wavelengths, with first-order lithospheric folding (l 1 ) on which a shorter wavelength (l 2 ) of the brittle crust is superimposed. Both firstorder and second-order wavelengths normalized to the lithospheric and brittle crust thickness, respectively, are in the range c. 4-6. These results are in good agreement with previous numerical and analytical estimates (e.g. Zuber 1987; Martinod & Davy 1992; Martinod & Molnar 1995; Cloetingh et al. 1999; Gerbault et al. 1999; Montesi & Zuber 2003) as well as analogue models (Burg et al. 1994; Martinod & Davy 1994) . In nature, the wavelength of lithospheric and crustal folding mostly depends on the lithospheric strength and varies from 30 to 600 km . The predicted first-order (130 -550 km) and second-order (60 -165 km) wavelengths are in the range of natural values.
Influence of a pre-existing suture zone
The suture zone introduced in the experiments to model a pre-existing lithospheric discontinuity controlled model evolution by localizing deformation. The lower crust and the Moho were both folded in correspondence with this discontinuity (see Fig. 6b ). However, the suture installed between continental segments did not nucleate a singularity point, as prescribed in kinematic modelling (Escher & Beaumont 1997; Pfiffner et al. 2000) . Instead, as in Burg et al. (2002) , the prefigured suture has focused a synclinal depression on which the thickest crust is established through complex wedging while a crustal anticline formed on the weaker crust. The predefined sutures were not significantly reactivated during shortening; instead, they attracted the site of the closing basins because they bound an effective indenter. This behaviour is strongly controlled by the adopted model setup in which the pre-cut sutures were vertical, striking normal to direction of convergence. However, the analysis of experimental buckling suggests that the presence of a suture zone favours an increase of the wavelength of models with strong mantle. (Corti et al. 2004) . Models built with stronger mantle exhibit longer wavelengths than those with weaker mantle. The two main clusters of experimental data points are schematically highlighted by grey background. Numbers next to data points (white circles) indicate experiment numbers published by Sokoutis et al. (2005) .
Europe's continental lithosphere: role of lithospheric rheology in basin (de)formation Studies on the mechanical properties of the European lithosphere revealed a direct link between its thermo-tectonic age and bulk strength (Cloetingh & Burov 1996; Pérez-Gussinyé & Watts 2005) . On the other hand, inferences from P and S wave tomography (Goes et al. 2000a, b; Ritter et al. 2000 Ritter et al. , 2001 ) and thermomechanical modelling (Garcia-Castellanos et al. 2000) point to a pronounced weakening of the lithosphere in the Lower Rhine area owing to high upper mantle temperatures. However, the Late Neogene and Quaternary tectonics of the Ardennes-Lower Rhine area appears to form part of a much wider neotectonic deformation system that overprints the Late Palaeozoic and Mesozoic basins of NW Europe. This is supported by geomorphological evidence and the results of seismicity studies in Brittany (Bonnet et al. 1998 (Bonnet et al. , 2000 and Normandy (Lagarde et al. 2000; Van Vliet-Lanoë et al. 2000) , by data from the Ardennes -Eifel region (Meyer & Stets 1998; Van Balen et al. 2000) , the southern parts of the Upper Rhine Graben (Nivière & Winter 2000) , the Bohemian Massif (Ziegler & Dèzes 2005 ) and the North German Basin (Bayer et al. 1999) .
Lithosphere-scale folding and buckling, in response to the build-up of compressional intraplate stresses, can cause uplift or subsidence of relatively large areas at time scales of a few Ma and thus can be an important driving mechanism of neotectonic processes. For instance, the Plio-Pleistocene accelerated subsidence of the North Sea Basin is attributed to down-buckling of the lithosphere in response to the build-up of the present-day stress field (Van Wees & Cloetingh 1996) . Similarly, uplift of the Vosges-Black Forest arch, which at the level of the crust -mantle boundary extends from the Massif Central into the Bohemian Massif, commenced during the Burdigalian (+18 Ma) and persisted until at least early Pliocene times. Uplift of this arch is attributed to lithospheric folding controlled by compressional stresses originating at the Alpine collision zone (Ziegler et al. 2002; Dèzes et al. 2004; Ziegler & Dèzes 2005 ).
An understanding of the temporal and spatial strength distribution in the NW European lithosphere may offer quantitative insights into the patterns of its intraplate deformation (basin inversion, upthrusting of basement blocks), and particularly into the pattern of lithosphere-scale folding and buckling.
Owing to the large amount of high quality geophysical data acquired during the last 20 years in Europe, its lithospheric configuration is well known, though significant uncertainties remain in many areas about the seismic and thermal thickness of the lithosphere (Babuska & Plomerova 1992; Artemieva & Mooney 2001) . Nevertheless, the available data helps to constrain the rheology of the European lithosphere, thus enhancing our understanding of its strength.
So far, strength envelopes and the effective elastic thickness of the lithosphere have been calculated for a number of locations in Europe (e.g. Cloetingh & Burov 1996) . As such calculations were made for scattered points only, or along transects, they provide limited information on lateral strength variations of the lithosphere. Although lithospheric thickness and strength maps have already been constructed for the Pannonian Basin (Lankreijer et al. 1999 ) and the Baltic Shield , such maps are not yet available for all of Europe.
As evaluation and modelling of the response of the lithosphere to vertical and horizontal loads requires an understanding of its strength distribution, efforts were dedicated to map the strength of the European foreland lithosphere by integrating 3D strength calculations .
Strength calculations of the lithosphere depend primarily on its thermal and compositional structure and are particularly sensitive to thermal uncertainties (Ranalli & Murphy 1987; Ranalli 1995; Burov & Diament 1995) . For this reason, the workflow aimed at the development of a 3D strength model for Europe was two-fold: (1) construction of a 3D compositional model; and (2) calculating a 3D thermal cube. The final 3D strength cube was obtained by calculating 1D strength envelopes for each lattice point (x, y) of a regularized raster covering NW Europe. For each lattice-point the appropriate input values were obtained from a 3D compositional and thermal cube (Fig. 8) . A geological and geophysical geographic database was used as reference for the construction of the input models.
For continental realms, a 3D multi-layer compositional model was constructed, consisting of one mantle lithosphere layer, 2-3 crustal layers and an overlying sedimentary cover layer, whereas for oceanic areas a one-layer model was adopted. For the depth to the different interfaces several regional or European-scale compilations were available, which are based on deep seismic reflection and refraction or surface wave dispersion studies (e.g. Panza 1983; Calcagnile & Panza 1987; Suhadolc & Panza 1989; Blundell et al. 1992; Du et al. 1998; Artemieva et al. 2006) . For the base of the lower crust, we relied strongly on the European Moho map of Dèzes & Ziegler (2004) (Fig. 9a) . Regional compilation maps of the seismogenic lithosphere thickness were used as reference to the base of the thermal lithosphere in subsequent thermal modelling (Babuska & Plomerova 1993 Plomerova et al. 2002) . Figure 10a shows the integrated strength under compression of the entire lithosphere of Western and Central Europe, whereas Figure 10b displays the integrated strength of the crustal part of the lithosphere. As evident from Figure 10 The presence of thickened crust in the area of the Teisseyre -Tornquist suture zone (Fig. 9b) gives rise to a pronounced mechanical weakening of the lithosphere, particularly of its mantle part. Whereas the lithosphere of Fennoscandia is characterized by a relatively high strength, the North Sea rift system corresponds to a zone of weakened lithosphere. Other areas of high lithospheric strength are the Bohemian Massif and the London -Brabant Massif both of which exhibit low seismicity. A pronounced contrast Fig. 8 . From crustal thickness (top left) and thermal structure (top right) to lithospheric strength (bottom): conceptual configuration of the thermal structure and composition of the lithosphere, adopted for the calculation of 3D strength models. . Integrated strength maps for intraplate Europe. Adopted composition for upper crust, lower crust and mantle is based on a wet quartzite, diorite and dry olivine composition, respectively. Rheological rock parameters are based on Carter & Tsenn (1987) . The adopted bulk strain-rate for creep deformation of continental lithosphere (Carter & Tsenn, 1987 ) is 10 216 s 21 , compatible with constraints from GPS measurements (see text). Contours represent integrated strength in compression for (a) total lithosphere, and (b) crust. The main structural features of Europe are superimposed on the strength maps (after Ziegler 1988; Dèzes et al. 2004). in strength can also be noticed between the strong Adriatic indenter and the weak Pannonian Basin area (see also Fig. 10 ).
Comparing Figures 10a and b reveals that the lateral strength variations of Europe's intraplate lithosphere are primarily caused by variations in the mechanical strength of the mantle lithosphere, whereas variations in crustal strength appear to be more modest. The variations in lithospheric mantle strength are primarily related to variations in the thermal structure of the lithosphere, that can be related to thermal perturbations of the sublithospheric upper mantle imaged by seismic tomography (Goes et al. 2000a) , with lateral variations in crustal thickness playing a secondary role, apart from Alpine domains which are characterized by deep crustal roots. High strength in the East European Platform, the Bohemian Massif, the London-Brabant Massif and the Fenno-Scandian Shield reflects the presence of old, cold and thick lithosphere, whereas the European Cenozoic Rift System coincides with a major axis of thermally weakened lithosphere within the NW European Platform. Similarly, weakening of the lithosphere of southern France can be attributed to the presence of tomographically imaged plumes rising up under the Massif Central (Granet et al. 1995; Wilson & Patterson 2001) .
The major lateral strength variations that characterize the lithosphere of extra-Alpine Phanerozoic Europe are largely related to its Late Cenozoic thermal perturbation as well as to Mesozoic and Cenozoic rift systems and intervening stable blocks, and not so much to the Caledonian and Variscan orogens and their accreted terranes (Fig. 9b ) (Dèzes et al. 2004) . These lithospheric strength variations (Fig. 10a) are primarily related to variations in the thermal structure of the lithosphere, and therefore, are compatible with inferred variations in the effective elastic thickness (EET) of the lithosphere (see Cloetingh & Burov 1996; Perez-Gussinye & Watts 2005) .
The most important strong inliers in the lithosphere of the Alpine foreland lithosphere correspond to the Early Palaeozoic London-Brabant Massif and the Variscan Armorican, Bohemian and West Iberian Massifs. The strong Proterozoic Fenno-Scandian-East European Craton flanks the weak Phanerozoic European lithosphere to the NE whereas the strong Adriatic indenter contrasts with the weak lithosphere of the Mediterranean collision zone.
Crustal seismicity in Europe is largely concentrated on the presently still active Alpine plate boundaries, and particularly on the margins of the Adriatic indenter (Fig. 11) . In the Alpine foreland, seismicity is largely concentrated on zones of low lithospheric strength, such as the European Cenozoic rift system, and areas where pre-existing crustal discontinuities can be reactivated under the presently prevailing NW-directed stress field, such as the South Armorican shear zone (Dèzes et al. 2004 ) and the rifted margin of Norway (Mosar 2003) .
The strength maps presented in Figure 10 do not incorporate the effects of spatial variations in composition in crustal and mantle layers. Future work will address the effects of such second order strength perturbations, adopting constraints on the composition of several crustal and mantle layers provided by seismic velocities (Guggisberg et al. 1991; Aichroth et al. 1992 ) and crustal and upper mantle xenolith studies (Mengel et al. 1991; Wittenberg et al. 2000) .
Transition from post-rift basin inversion to lithospheric folding due to lithospheric strength reversal in NW Europe Seismicity and stress-indicators, combined with geodetic and geomorphic observations, demonstrate that the northern Alpine foreland is being actively deformed (Camelbeeck & Meghraoui 1996; Ziegler et al. 2002) . Localized Cenozoic extension in areas affected by plumes occurs in the Bresse, Eger, and Rhine Graben segments (Wilson & Patterson 2001 ) of the European Cenozoic rift system. However, seismicity (Fig. 11) (Grünthal et al. 1999 ) and stress-indicator data (Müller et al. 1992; Gölke & Coblentz 1996; Tesauro et al. 2004) demonstrate that active compressional deformation is also taking place in the Alpine foreland well outside the localized Cenozoic rift regions. Seismicity occurs primarily in areas of crustal thickness contrast between the Cenozoic rifts and their surrounding platform areas, as well as in areas of crustal contrast along the northeastern Atlantic rifted margins. Typically these contrasts occur at pre-existing faults, such as those bounding the Bohemian and Armorican Massifs. GPS measurements also indicate that the highest deformation rates occur in the European Cenozoic rift system where strain rates are on the order of 10 216 s 21 (Tesauro et al. 2004) . The simultaneous occurrence of thrust faulting, normal faulting, and strike-slip faulting in the Alpine foreland indicates a stress distribution dominated by heterogeneous upper-crustal structures, including weak zones (Handy & Brun 2004) .
Late Neogene vertical motions (Japsen & Chalmers 2000) (Fig. 11) caused rapid uplift in onshore compartments of the rifted North Atlantic margins and simultaneous rapid acceleration of subsidence in adjacent offshore basins. Fission-track studies in southern Norway (Rohrmann et al. 1995) and the British Isles (Allen et al. 2002) demonstrate onset of uplift as early as Oligocene time. Similarly, quantitative subsidence analysis shows late Neogene acceleration of subsidence in the North Atlantic (Cloetingh et al. 1990; Van Wees & Cloetingh 1996) . These vertical motions have been attributed to upper-mantle thermal perturbations and folding Japsen & Chalmers 2000) . Similar motions have also occurred in the foreland closer to the Alpine collision zone, including the North German (Marotta et al. 2000) and Paris (Lefort & Agarwal 1996) the Massif Central (Granet et al. 1995) and Iberia .
The timing and magnitude of these vertical motions reflect the interplay of plate reorganizations (Ziegler et al. 2002) and plume activity in the North Atlantic (Bijwaard & Spakman 1999) and western and central Europe (Goes et al. 2000a, b; Ritter et al. 2001; Wilson & Patterson 2001) . Geochemical and petrological studies show that widespread volcanic activity in the European foreland culminated in the Neogene and formed high topography (Wilson & Patterson 2001) . It seems plausible that the volcanism and associated uplift would have weakened the lithospheric mantle over areas considerably wider than the dimension of the plume itself, and thus promoted folding and controlled the wavelength of the resulting folds (see also Burov et al. 2007) . Although some other folded areas like the Tien Shan in Central Asia are marked by pronounced mantle strength , the fact that the European foreland was folding at shorter wavelengths likely reflects the lithospheric mantle being significantly weaker.
Neogene transition in mode of intraplate deformation
The mode of intraplate deformation changed from Neogene onward. Since early Mesozoic, northwestern Europe has been characterized by the formation of many basinal structures bordered by deep-seated boundary faults (Fig. 11) . The evolution of these basins has been marked by repeated reactivation of their fabric. Alpine compression in Late Cretaceous and early Tertiary time resulted in pervasive basin inversion. Inversion ceased in Miocene times and gave way to the current mode of widespread deformation that particularly affects the nonbasinal areas (Ziegler et al. 1998 ).
An additional important factor has been elevation of temperatures in the upper mantle by Neogene plume impingement, as inferred from seismic tomography (Goes et al. 2000a ). These high temperatures would have reduced mantle strength (Garcia-Castellanos et al. 2000) , in accordance with inferred wavelengths for lithospheric folding . However, this upper-mantle thermal perturbation, which should have a similar weakening effect in both offshore and onshore areas, could not alone explain the cessation of basin reactivation in the North Sea area. Hence, in order to investigate what may have controlled this significant change in the mode of deformation, we explore how lithospheric strength may have changed prior to and during the transition in Neogene time.
Strength reversal in Europe's intraplate lithosphere
The net strength of the lithosphere is controlled both by the geotherm and the depth of the Moho, which determines the relative ratio of mantle and crustal strength (e.g. Watts & Burov 2003) . To explore how both may have varied we constructed strength envelopes for lithosphere in compression for two typical sections in the northwestern European foreland lithosphere: an inverted basin in the North Sea (NS), and a typical Palaeozoic massif where no rifted basin formed (Fig. 11) . The initial lithospheric thicknesses of the Massif setting are constrained by subsidence modelling of wells from the Paris Basin and adjacent areas . The Palaeozoic massifs of western Europe, such as the Bohemian Massif, are characterized by a slightly deepened Moho (Dèzes & Ziegler 2004 ) and seismicity along their borders (Fig. 11) (Fig. 12a) . We forward modelled repeated basin reactivation and inversion in the North Sea and the associated rheological evolution using constraints from subsidence data (Van Wees & Beekman 2000) . As in earlier studies, the reactivated basins are marked by zones of weakness, which reduce in particular the brittle strength (Ziegler et al. 1995; De Bresser et al. 2001; Van Wees & Beekman 2000; Bos & Spiers 2002) . Although during inversion, basin strength increases as a consequence of lithospheric thickening, it remains low compared to that of the Palaeozoic Massif setting (Fig. 12b) , because of the initial lithospheric thinning.
We assume that these strength profiles were subsequently perturbed by lithospheric heating in the Neogene by mantle plumes. Numerical models (e.g. Burov et al. 2007 ) predict that the lithosphere-plume interaction would cause the lower lithosphere to be assimilated by the underlying mantle and raise its temperatures.
We model this effect by adopting a subcrustal stretching factor of 1.6 for the Palaeozoic Massif setting (see Cloetingh & Van Wees 2005 for a more extensive discussion) (Fig. 12c) . As a consequence, strength below the Palaeozoic Massif setting has been reduced to lower values than below the North Sea. Thus, plume-related heating reduces the strength in areas characterized by a deep Moho and thick lithosphere prior to the plume impingement (i.e. the Palaeozoic massifs) more than in other areas.
The integrated lithospheric strength of the Palaeozoic Massif and North Sea Basin settings (Fig. 13 ) is marked by a pronounced Neogene reversal. This reversal can explain both the concentration of intraplate deformation, as reflected by seismicity and GPS data in the massif areas close to the Alpine collision zone, and the cessation of deformation in the basinal areas. Furthermore, the change to a mode of deformation resulting in lithospheric folding in the massif areas rather than inversion appears also to be the consequence of this reversal.
The primary factor in the strength reversal is the large-scale thermal perturbation of Europe's upper mantle caused by plume activity rather than the composition of the crust, except for the depth of the Moho and thickness of the lithosphere, which depend largely on the Mesozoic rift history. Hence, our modelling results are fairly robust in terms of the crustal and mantle rheologies used. Alternative wet and dry dunite mantle rheologies (Carter & Tsenn 1987) result in a relative decrease and increase of the absolute strength values respectively, but the relative difference in strength values is retained (Fig. 13) . Permissible relative variations of crustal and lithospheric thickness point to a deeper Moho for the Palaeozoic Massif setting than for the North Sea Basin (Fig. 11) . As the Palaeozoic Massif lithosphere is expected to be stronger throughout the Mesozoic than the North Sea Basin lithosphere, it should be marked by a relatively higher lithospheric thickness. With these assumptions the model is fairly robust in the range of uncertainties (Cloetingh & Van Wees 2005) . Models adopting zero strength for the continental mantle (e.g. Jackson 2002; see for a discussion also Watts & Burov 2003) are incompatible with cessation of deformation in the weakest, basinal areas, because these are marked by relatively low crustal strength throughout their history (Fig. 13) . Intraplate stresses (Cloetingh & Burov 1996) , fluids, and shear zones (Handy & Brun 2004 ) may further reduce the strength of the lithosphere, but do not affect the first-order patterns of the inferred temporal and spatial evolution of lithospheric strength in the European foreland.
Black Sea Basin: compressional reactivation of an extensional basin
The Black Sea (Fig. 14) , in which water depths range down to 2.2 km, is underlain by a larger western and a smaller eastern sub-basin that are separated by the Andrusov Ridge. The western basin is floored by oceanic and transitional crust and contains up to 19 km of Cretaceous to Recent sediments. The eastern basin is floored by strongly thinned continental crust and contains up to 12 km of Cretaceous and younger sediments. The Andrusov Ridge is buried beneath 5-6 km thick sediments and is upheld by attenuated continental crust. Significantly, the sedimentary fill of the Black Sea Basin system is characterized by nearly horizontal layering that is only disturbed along its flanks bordering the orogenic systems of the Balkanides and Pontides in the south, and the Great Caucasus and Crimea in the north and NE.
The Black Sea Basin system is thought to have evolved by Aptian -Albian back-arc rifting that progressed in the western sub-basin to crustal separation and Cenomanian -Coniacian seafloor spreading. During the late Senonian and Palaeocene the Black Sea was subjected to regional compression in conjunction with the evolution of its flanking orogenic belts. During the early Eocene major rifting and volcanism affected the eastern Black Sea Basin and the eastward adjacent Acharat -Trialeti Basin. During the late Eocene and Oligocene the Pontides thrust belt developed along the southern margin of the Black Sea and inversion of the Great Caucasus Trough and the Acharat -Trialeti rift commenced. The present stress regime of the Black Sea area, as deduced from earthquake focal mechanisms, structural and GPS data is compression dominated, reflecting continued collisional interaction of the Arabian and the Eurasian plates that controls on-going crustal shortening in the Great Caucasus. In the absence of intrabasinal deformations, the Pliocene and Quaternary accelerated subsidence of the Black Sea Basin is attributed to stress-induced downward deflection of its lithosphere (Nikishin et al. 2001 (Nikishin et al. , 2003 Cloetingh et al. 2003) .
Although there is general agreement that the Black Sea evolved in response to Late Cretaceous and Eocene back-arc extension, the exact timing and kinematics of opening of its western and eastern sub-basins is still being debated (e.g. Robinson et al. 1995; Nikishin et al. 2001 Nikishin et al. , 2003 Cloetingh et al. 2003) . This applies particularly to the exact opening timing of the eastern Black Sea for which different interpretations have been advanced varying from Middle-to Late Cretaceous Figure 11 . (Finetti et al. 1988) to Early Eocene opening (Robinson et al. 1995) or a combination thereof (Nikishin et al. 2003) .
Gravity data show an important difference in the mode of flexural compensation between the western and eastern Black Sea (Spadini et al. 1997) . The western Black Sea appears to be isostatically undercompensated and in a state of upward flexure, consistent with a deep level of lithospheric necking. By contrast, for the eastern Black Sea gravity data point towards isostatic overcompensation and a downward state of flexure, compatible with a shallow necking level. This is thought to reflect differences in the pre-rift mechanical properties of the lithosphere of the western and eastern Black Sea subbasins Spadini et al. 1996) . Cloetingh et al. (2003) discuss the results of thermo-mechanical modelling of the Black Sea Basin along a number of regional cross-sections through its western and eastern parts, that are constrained by a large integrated geological and geophysical database (see Spadini 1996; Spadini et al. 1996 Spadini et al. , 1997 . Below, we address the relationship between the pre-rift finite strength of the lithosphere and geometry of extensional basins and discuss the effects of differences in pre-rift rheology on the Mesozoic -Cenozoic stratigraphy of the Black Sea Basin system. These findings raise important questions on post-rift tectonics and on intraplate stress transmission into the Black Sea Basin from its margins.
Rheology and sedimentary basin formation
Inferred differences in the mode of basin formation between the western and eastern Black Sea Basins can be largely explained in terms of palaeorheologies (Fig. 15) . The pre-rift lithospheric strength of the western Black Sea appears to be primarily controlled by the combined mechanical response of a strong upper crust and strong upper mantle . The shallow necking level in the eastern Black Sea is compatible with a pre-rift strength controlled by a strong upper crust decoupled from the weak hot underlying mantle. These differences point to important differences in the thermo-tectonic age of the lithosphere of the two sub-basins (Cloetingh & Burov 1996) . The inferred lateral variations between the western and eastern Black Sea suggest thermal stabilization of the western Black Sea prior to rifting whilst the lithosphere of the eastern Black Sea was apparently already thinned and thermally destabilized by the time of Eocene rifting. The inferred differences in Figure 14 for location of cross-sections. A comparison of predicted and observed Moho depths provides constraints on levels of necking and thermal regime of pre-rift lithosphere. The models support the presence of cold pre-rift lithosphere compatible with a deep level of necking of 25 km in the western Black Sea. In the eastern Black Sea, the models suggest the presence of a warm pre-rift lithosphere with a level of necking of 15 km necking level and in the timing of rifting between the western and eastern Black Sea suggest an earlier and more pronounced development of rift shoulders in the western Black Sea basin as compared to the eastern Black Sea (Robinson et al. 1995) .
In the western Black Sea rifting began during the late Barremian-Aptian and progressed to crustal separation at the transition to the Cenomanian with seafloor spreading ending in the Coniacian . In this deep-marine basin, up to 12.5 km thick sediments accumulated prior to the late middle Miocene Sarmatian sea level fall when it was converted into a relatively small (up to 800 m deep) lake. Late Miocene to Recent sediments attain thicknesses of up to 2.5 km. The eastern Black Sea Basin may have undergone an Aptian -Turonian and a Campanian-Maastrichtian rifting stage prior to its Palaeocene -early Eocene rift-related main subsidence and deepening that was accompanied by little flank uplift and erosion. During the late Eocene, sediment supply from the compressionally active Pontides and Greater Caucasus belts increased and led in the basin centre to the deposition of up to 5 km thick sediments. Also the eastern Black Sea remained a deep-marine basin until the late middle Miocene Sarmatian when it was converted into a lake. When sea level returned to normal in the late Miocene, water depth increased dramatically to 2800 m in both the western and eastern Black Sea Basins, presumably in response to the loading effect of the water (Spadini 1996) . By the Quaternary, increased sediment supply led to significant subsidence and sediment accumulation, with a modest decrease in water depth to the present-day value of 2200 m.
Overall uplift of the margins of the Black Sea commenced in middle Miocene times (Nikishin et al. 2003) . Although the reconstructions by Spadini et al. (1997) and Nikishin et al. (2003) differ in the assumed maximum depth of the basin, and the assumed palaeobathymetry and sea-level fluctuations, the derived Pliocene-Quaternary subsidence acceleration appears to be robust (Robinson et al. 1995; Spadini et al. 1997; Nikishin et al. 2003) .
Constraints on the present-day stress regime are lacking for the central parts of the Black Sea Basin. However, structural geological field studies and earthquake focal mechanisms in areas bordering the Black Sea (see Nikishin et al. 2001) , as well as GPS data (Reilinger et al. 1997) demonstrate that in the collisional setting of the European and Arabian plate the area is subjected to compression.
The collisional Caucasus orogeny commenced during the late Eocene and culminated during Oligocene -Quaternary times. On the other hand, the North Pontides thrust belt was activated during the late Eocene and remained active until the end of the Oligocene (Nikishin et al. 2001) . Correspondingly, the late Eocene accelerated subsidence of the Black Sea Basin can be attributed to the build-up of a regional compressional stress field (Robinson et al. 1995) .
The late Eocene-Quaternary Caucasus orogeny, overprinting back-arc extension in the Black Sea, was controlled by the collisional interaction of the Arabian plate with the southern margin of the East European Craton (Nikishin et al. 2001) .
Strength evolution and neotectonic reactivation at the basin margins during the post-rift phase Automated back-stripping analyses and comparison of results with forward models of lithospheric stretching ) provide estimates of the integrated lithospheric strength at various syn-and post-rift stages . Figure 16 (left) shows a comparison of observed and forward modelled tectonic subsidence for the centre of the Western Black Sea Basin. Automated back-stripping yields a stretching factor b of 6. The modelling fails to predict the pronounced late Neogene subsidence acceleration, documented by the stratigraphic record that may be attributed to late-stage compression. As post-rift cooling of the lithosphere leads in time to a significant increase in its integrated strength, its early post-rift deformation is favoured. Present-day lithospheric strength profiles calculated for the centre and margin of western Black Sea show a pronounced difference. The presence of relatively strong lithosphere in the basin centre and weaker lithosphere at the basin margins favours deformation of the latter during late-stage compression. This may explain why observed compressional structures appear predominantly at the edges of the Black Sea Basin and not in its interior (Fig. 14) .
In Figure 16 (right) the observed and forward modelled tectonic subsidence of the centre of the eastern Black Sea Basin are compared, adopting for modelling a stretching factor b of 2.3 that is compatible with the subsidence data and consistent with geophysical constraints. During the first ten million years of post-rift evolution, integrated strengths are low but subsequently increase rapidly owing to cooling of the lithosphere. During the first ten million years after rifting, and in the presence of very weak lithosphere, the strength of which was primarily controlled by the rift-inherited mechanical properties of its upper parts, we expect that this area would be prone Fig. 16 . A comparison of observed and forward modelled tectonic subsidence for the western Black Sea centre (left) and the eastern Black Sea centre (right). Automated back-stripping (top panels) yields an estimate for the stretching factor b of 6 for the western Black Sea and a b of 2.3 for the eastern Black Sea. The observed pronounced acceleration of late Neogene subsidence documented in the stratigraphic record could be an indication of late-stage compression. The middle panels show that for both areas post-rift cooling leads to a significant increase in the predicted integrated strength with time for both compressional and extensional regimes (1 TNm 21 ¼ 10 12 Nm 21 ). Present-day lithospheric compressional strength profiles calculated for the centre and margin of the western and eastern Black Sea (bottom panels) show a pronounced difference with depth. Temperature profiles (in o C) and Moho depth are given for reference. Note the important role of the actual depth of the Moho in the mechanical decoupling of upper crust and mantle parts of the Black Sea lithosphere .
to early post-rift compressional deformation. However, given the cooling-related progressive increase of the integrated lithospheric strength with time increasingly higher stress levels are required to cause large-scale deformation (Fig. 16 ). Due to substantial crustal thinning, a strong upper mantle layer is present in the central part of the basin at relatively shallow depths.
Based on the present thermo-mechanical configuration with relatively strong lithosphere in the basin centre and relatively weak lithosphere at the basin margins, we predict that a substantial amount of late-stage shortening induced by orogenic activity in the surrounding areas will be taken up along the basin margins, with only minor deformation occurring in the relatively stiff central parts of the basin. The relative difference in rheological strength of the marginal and central parts of the basin is more pronounced in the eastern than in the western Black Sea. These predictions have to be validated by new data focusing on the neotectonics of the Black Sea. High-resolution shallow seismic profiles and acquisition of stress-indicator data could provide the necessary constraints for such future modelling.
Modelling predictions for basement and surface heat flow in the eastern and western Black Sea show markedly different patterns in timing of the rift-related heat flow maximum. The predicted present-day heat flow is considerably lower for the western than for the eastern sub-basin. This is attributed to the presence of more heat producing crustal material in the eastern than in the western Black Sea that is partly floored by oceanic crust. The effects of sedimentary blanketing were taken into account in heat flow modelling (Van Wees & Beekman 2000) . Heat flow values vary between 30 mW m 22 in the centre of the basins to 70 mW m 22 in its Crimean and Caucasus margins (Nikishin et al. 2003) . Thermal modelling indicates a pronounced effect of thermal blanketing in the western Black Sea that contains up to 19 km thick sediments. As a result its present-day integrated strength is not that much higher than its initial strength. By contrast, the integrated strength of the eastern Black Sea is much higher than the initial strength as the blanketing effect of its up to 12 km thick sedimentary fill is less pronounced and as water depths are greater. Cloetingh et al. (1999) have made a comparison of theoretical predictions for lithosphere folding of rheologically coupled and decoupled lithosphere, as a function of its thermo-mechanical age with estimates of folding wavelengths documented in continental lithosphere for various representative areas on the globe including the Black Sea. The western Black Sea centre is marked by a thermo-mechanical age of around 100 Ma with rheological modelling indicating mechanical decoupling of the crust and lithospheric mantle (see Fig. 16 ). These models imply an effective elastic thickness (EET) of at least 40 km (Burov & Diament 1995) and folding wavelengths of 100-200 km for the mantle and 50 -100 km for the upper crust . For the eastern Black Sea, a probably significantly younger thermo-mechanical lithospheric age of 55 Ma, implies an EET of no more than 25 km and indicates mantle folding at wavelengths of c. 100-150 km and a crustal folding wavelength similar to the western Black Sea. A comparison of estimated folding wavelengths with theoretical predictions shows a systematic deviation to larger values. This is characteristic for 'atypical' folding where the large dimension of the pre-existing rift basin during the late-stage compressional phase causes a pronounced increase in the wavelength of the stress-induced down-warp . This effect has been observed in the North Sea Basin (Van Wees & Cloetingh 1996) and the Pannonian Basin (Horváth & Cloetingh 1996) , both of which are characterized by large sediment loads and a wide rift basin. Such a neotectonic compressional reactivation provides an alternative to previous explanations for recent differential motions in the northern Black Sea Basin (Smolyaninova et al. 1996) that were attributed to convective mantle flow. In view of the recent evidence for crustal shortening in the Black Sea region as a consequence of the Arabian-Eurasian plate interaction (Reilinger et al. 1997) , an interpretation in terms of an increased late Neogene compressional stress level appears to be more likely. The modelling results indicate that both the basin centre and the margins of the eastern Black Sea are much weaker than those of the western Black Sea (Fig. 16 ). An important difference is that in the western Black Sea the basin centre and margins have a comparable strength, whereas in the eastern Black Sea the margins are substantially weaker than the basin centre. This may explain why the margins of the eastern Black Sea appear to be more prone to strain localization (i.e. lithospheric folding), whereas the western Black Sea as a whole is more prone to stress transmission.
The Pannonian -Carpathian Basin system: modes of basin (de)formation, lithospheric strength and vertical motions
The Pannonian -Carpathian system (Fig. 17) represents a natural laboratory for models for basin formation in weak back-arc lithosphere. This system, located within the Alpine orogenic belt at the transition between the western European lithosphere and the East European Craton, comprises some of the best documented sedimentary basins in the world. The Pannonian Basin evolved from its syn-rift to post-rift phase during early to late Miocene times (c. 20 -5 Ma), when back-arc extension was coupled with subduction dynamics in the Carpathian orogenic arc system (Royden & Horváth 1988) . The lithosphere of the Pannonian Basin is a particularly sensitive recorder of changes in lithospheric stress induced by near-field intraplate and far-field plate boundary processes (Bada et al. 2001) . High-quality constraints exist on the present-day and palaeostress (Fodor et al. 1999; Gerner et al. 1999) fields in the lithosphere as a result of earthquake focal mechanism studies, analyses of borehole break-outs and studies of palaeostress field indicator data. A close relationship has been demonstrated between the timing and nature of stress changes in the extensional basin and structural episodes in the surrounding thrust belts, pointing to an intrinsic mechanical coupling between the orogen and its back-arc basin. The Pannonian Basin, the hottest in continental Europe, is thought to have gone through a rapid temporal transition from passive to active rifting during late Miocene times, simultaneously with the climax of compression in the Carpathian arc (Huismans et al. 2001) . Oldow et al. (2002) and Grenerczy et al. (2005) shown by green, red and blue arrows, respectively. Insert indicates area of detailed study. Structural elements for the Mediterranean, shown in red, are after Facenna et al. (2004) . APP, Apennines; BAL, Balkanides; CARP, Carpathians; DIN, Dinarides; HELL, Hellenides; TD, Transdanubia (after Bada et al. 2007) .
A crucial element of the dynamics of lithospheric deformation is the mechanics of coupling back-arc deformation in the Pannonian Basin with continental collision and foreland basin evolution along the Carpathian arc. This has been addressed through a combination of dynamic and kinematic modelling studies constrained by integrated basin analysis in the Pannonian sector and by thermochronology, basin modelling and structural field studies in the Carpathian belt. In particular, the inversion events (i.e. late Miocene and late PlioceneQuaternary) recorded in the Pannonian Basin (Horváth 1995; Fodor et al. 1999) are coeval with the climax of thrusting in the Carpathians (e.g. Sȃndulescu 1988; Hippolyte et al. 1999) related to continental collision and late-stage out-of-sequence contraction. Horváth & Cloetingh (1996) established the importance of Late Pliocene through Quaternary compression in the Pannonian-Carpathian system, explaining its anomalous Quaternary uplift and subsidence pattern as well as its intraplate seismicity, thus establishing a novel conceptual model for structural reactivation of back-arc basins in orogenic settings. The basin system has reached an advanced stage of evolution with respect to other Mediterranean back-arc basins and its structural inversion has been taking place for the last few million years. Basin inversion is related to changes in the regional stress field (see for a general discussion Ziegler et al. 1995 Ziegler et al. , 2002 , from one of tension that controlled basin formation and subsidence, to one of compression resulting in contraction and flexure of the lithosphere associated with differential vertical movements.
Pannonian Basin: stretching models and subsidence analysis Efforts to quantify the evolution of the Pannonian Basin started in the early 1980s with the application of classical basin analysis techniques. Due to the availability of excellent geological and geophysical constraints, this basin has been a key area for testing stretching models. At the same time, the main characteristics of the Pannonian basin system, such as its extremely high heat flow, the presence of an anomalously thin lithosphere and its position within Alpine orogenic belts, made it particularly suitable and challenging for basin analysis. Research on the Pannonian Basin was triggered by its hydrocarbon potential and addressed local tectonics and regional correlations, as well as studies on its crustal configuration, magmatic activity and related mantle processes. were the first to apply the stretching model of McKenzie (1978) to the intraCarpathian basins. They found that the development of peripheral basins could be fairly well simulated by the pure shear uniform extension concept with a stretching factor of about two. However, for the more centrally located basins, their considerable thermal subsidence and high heat flow suggested unrealistically high stretching factors (up to five). Thus, they postulated differential extension of the Pannonian lithosphere with moderate crustal stretching (d factor) and larger stretching of the lithospheric mantle (b factor). Building on this and using a wealth of well data, Royden et al. (1983) introduced the non-uniform stretching concept according to which the magnitude of lithospheric thinning is depth dependent. This concept accounts for a combination of uniform mechanical extension of the lithosphere and thermal attenuation of the lithospheric mantle (Ziegler 1992 (Ziegler , 1996 . This is compatible with the subsidence pattern and thermal history of major parts of the Pannonian Basin that suggest a greater attenuation of the lithospheric mantle as compared to the finite extension of the crust. Horváth et al. (1988) further improved this concept by considering radioactive heat generation in the crust, and the thermal blanketing effect of basin-scale sedimentation. By reconstructing the subsidence and thermal history, and by calculating the thermal maturation of organic matter in the central region of the Pannonian Basin (Great Hungarian Plain), a significant step was made in the field of hydrocarbon prospecting by means of basin analysis techniques.
These studies highlighted the difficulties met in explaining basin subsidence and crustal thinning in terms of uniform extension, and pointed towards the applicability of anomalous subcrustal thinning. This issue was central to subsequent investigations involving quantitative subsidence analyses (backstripping) of an extended set of Pannonian Basin wells and cross-sections and their forward modelling (Lankreijer et al. 1995; Sachsenhofer et al. 1997; Juhász et al. 1999; . Kinematic modelling, incorporating the concept of necking depth and finite strength of the lithosphere during and after rifting (van Balen et al. 1999) , as well as dynamic modelling studies (Huismans et al. 2001) , suggested that the transition from passive to active rifting was controlled by the onset of subcrustal flow and small scale convection in the asthenosphere. In order to quantify basin-scale lithospheric deformation, carried out forward modelling applying the concept of nonuniform lithospheric stretching and taking into account the effects of lateral heat flow, flexure and necking of the lithosphere. Calculated crustal thinning factors (d) indicate large lateral variation of crustal extension in the Pannonian Basin (Fig. 18) . This is consistent with the areal pattern of the depth to the pre-Neogene basement (Horváth et al. 2006) . The indicated range of crustal thinning factors of 10% -100% crustal extension is in good agreement with the pre-rift palinspastic reconstruction of the Pannonian Basin, and the amount of cumulative shortening in the Carpathian orogen (e.g. Roure et al. 1993; Fodor et al. 1999) .
As a major outcome of basin analysis studies, Royden et al. (1983) provided a two-stage subdivision for the evolution of the Pannonian Basin with a syn-rift (tectonic) phase during early to middle Miocene times, and a post-rift (thermal) phase during the late Miocene-Pliocene. However, further development of the stratigraphic database demonstrated the need to refine this scenario. According to Tari et al. (1999) , the regional middle Badenian unconformity, marking the termination of the syn-rift stage, is followed by a postrift phase that is characterized by only minor tectonic activity. Nevertheless, the subsidence history of the Pannonian Basin can be subdivided in three main phases that are reflected in the subsidence curves of selected sub-basins (Fig. 19) . The initial syn-rift phase is characterized by rapid tectonic subsidence, starting synchronously at about 20 Ma in the entire Pannonian Basin. This phase of pronounced crustal extension is recorded everywhere in the basin system and was mostly limited to relatively narrow, fault-bounded grabens or subbasins. During the subsequent post-rift phase much broader areas began to subside, reflecting general down-warping of the lithosphere in response to its thermal subsidence. This is particularly evident in the central parts of the Pannonian Basin, suggesting that in this area syn-rift thermal attenuation of the lithospheric mantle played a greater role than in the marginal areas (e.g. Royden & Dövényi 1988) . The third and final phase of basin evolution is characterized by the gradual structural inversion of the Pannonian Basin system during the late Pliocene-Quaternary. During these times intraplate compressional stresses gradually built up and caused basin-scale buckling of the Pannonian lithosphere that was associated with late-stage subsidence anomalies and differential vertical motions (Horváth & Cloetingh 1996) . As is evident from the subsidence curves (Fig. 19) , accelerated late-stage subsidence characterized the central depressions of the Little and Great Hungarian Plains (Fig. 19b,c) , whereas the peripheral Styrian and East Slovakian sub-basins were uplifted by a few hundred metres after mid-Miocene times (Figs 19d, e) and the Zala Basin during the Pliocene-Quaternary (Fig. 19f) . The importance of tectonic stresses both during the rifting (extension) and subsequent inversion phase (compression) is highlighted by this late-stage tectonic reactivation, as well as by other episodic inversion events in the Pannonian Basin (Horváth 1995; Fodor et al. 1999) .
For the Carpathian foreland, modelling curves ( Fig. 19h-j) indicate an important late Miocene (Sarmatian) phase of basin subsidence that relates to tectonic loading of the Eastern and Southern Carpathian foreland by intra-Carpathian terranes. This phase is coeval with the end of syn-rift subsidence of the Pannonian Basin (Horváth & Cloetingh 1996) . Subsidence curves for the Transylvanian Basin (Fig. 19g) indicate for the BadenianPannonian a subsidence pattern similar to that of the Carpathian foreland, and for the PlioceneQuaternary a phase of uplifting that correlated with inversion of the Pannonian Basin.
Lithospheric strength in the PannonianCarpathian system
The Pannonian-Carpathian system shows remarkable variations in the thermo-mechanical properties of the lithosphere. Lithospheric rigidity varies in space and time, giving rise to important differences in the tectonic behaviour of different parts of the system. As rheology controls the response of the lithosphere to stresses, and thus the formation and deformation of basins and orogens, the characterization of rheological properties and their temporal changes has been a major challenge to constrain and quantify tectonic models and scenarios. This is particularly valid for the Pannonian -Carpathian region where tectonic units with different history and rheological properties are in close contact. Figure 20a displays three strength envelopes for the western, central and eastern part of the Pannonian lithosphere that were constructed on the basis of extrapolated rock mechanic data, incorporating constraints on crustal and lithospheric structure, and present-day heat flow along the modelled rheological section. These strength profiles show that the average strength of the Pannonian lithosphere is very low (see also Lankreijer 1998) , which is mainly due to high heat flow related to upwelling of the asthenosphere beneath the basin system. The Pannonian Basin, the hottest basin of continental Europe, has an extremely low rigidity lithosphere that renders it prone to repeated tectonic reactivation. This is the result of Cretaceous and Palaeogene orogenic phases involving nappe emplacement and crustal accretion, thickening and loading. During this process, the strength of the different Pannonian lithospheric segments gradually decreased, allowing for their tensional collapse under high level strain localization that leads to the development of the Pannonian Basin. Another essential feature is the noticeable absence of present-day lithospheric strength in the lithospheric mantle of the Pannonian Basin. Strength appears to be concentrated in the crustal upper 7-12 km of the lithosphere. This finding is in very good agreement with the depth distribution of seismicity. Earthquake hypocentres are restricted to the uppermost crustal levels, suggesting that brittle deformation of the lithosphere is limited to depth of 5-15 km (Tóth et al. 2002) . Figure 20b shows estimates of the total integrated strength (TIS) of the Pannonian-Carpathian lithosphere along section A -A 0 . Rheology calculations suggest significant differences in the mechanical properties of different tectonic units within the system (Lankreijer et al. , 1999 . In general, there is a gradual increase of TIS from the centre of the basin towards the basin flanks in the peripheral areas (see also Fig. 20c ). The centre of the Pannonian Basin and the Carpathian foreland are the weakest and strongest parts of the system, respectively. The presence of a relatively strong lithosphere in the Transylvanian Basin is due to the absence of large-scale Cenozoic extension that prevails in the Pannonian Basin (Ciulavu et al. 2002) . The Carpathian arc, particularly its western parts, shows a high level of rigidity apart from the southeastern bend zone where a striking decrease in lithospheric strength is noticed. By conversion of strength predictions to EET values at a regional scale, Lankreijer (1998) mapped the EET distribution for the entire Pannonian-Carpathian system. Calculated EET values are largely consistent with the spatial variation of lithospheric strength of the system. Lower values are characteristic for the weak central part of the Pannonian Basin (5-10 km), whereas EET increases toward the Dinarides and Alps (15-30 km) and particularly toward the Bohemian Massif and Moesian Platform (25-40 km). This trend is in good agreement with EET estimates obtained from flexural studies and forward modelling of extensional basin formation. Systematic differences, however, can occur and may be the consequence of significant horizontal intraplate stresses (e.g. Cloetingh & Burov 1996) or of mechanical decoupling of the upper crust and uppermost mantle that can lead to a considerable reduction of EET values.
The range of calculated EET values reflects the distinct mechanical characteristics and response of the different domains that form part of the Pannonian -Carpathian system to the present-day stress field. These characteristics can be attributed mainly to the memory of the lithosphere. The tectonic and thermal evolution of these domains differed considerably during the CretaceousNeogene Alpine build-up of both the outer and intra-Carpathian units and the Neogene extension of the Pannonian Basin, resulting in a wide spectrum of lithospheric strengths. These, in turn, exert a strong control on the complex present-day pattern of ongoing tectonic activity.
Deformation of the Pannonian -Carpathian system
The present-day deformation pattern and related topography development in the PannonianCarpathian system is characterized by pronounced spatial and temporal variations in the stress and strain fields . Horváth & Cloetingh (1996) established the importance of late Pliocene and Quaternary compressional deformation of the Pannonian Basin that explains its anomalous uplift and subsidence, as well as intraplate seismicity. Based on the case study of the Pannonian -Carpathian system, these authors established a novel conceptual model for the structural reactivation of back-arc basins within orogens. At present, the Pannonian Basin has reached an advanced evolutionary stage as compared to other Mediterranean back-arc basins in so far as it has been partially inverted during the last few million years. Inversion of the Pannonian Basin can be related to temporal changes in the regional stress field, from one of tension that controlled its Miocene extensional subsidence, to one of Pliocene -Quaternary compression resulting in deformation, contraction and flexure of the lithosphere associated with differential vertical motions. Therefore, the spatial distribution of uplifting and subsiding areas within the Pannonian Basin can be interpreted as resulting fom the build-up of intraplate compressional stresses, causing large-scale positive and negative deflection of the lithosphere at various scales. This includes basin-scale positive reactivation of Miocene normal faults, and large-scale folding of the system leading to differential uplift and subsidence of anticlinal and synclinal segments of the Pannonian crust and lithosphere. Model calculations are in good agreement with the overall topography of the system. Several flat-lying, lowelevation areas (e.g. Great Hungarian Plain, Sava and Drava troughs) subsided continuously from the beginning of basin development during the early Miocene, and contain 300-1000 m thick Quaternary alluvial sequences. By contrast, the periphery of this basin system, as well as the Transdanubian Range, the Transylvanian Basin and the adjacent Carpathian orogen were uplifted and considerably eroded from Miocene -Pliocene times onward (see Fig. 19 ). Quantitative subsidence analyses confirm that late-stage compressional stresses caused accelerated subsidence of the central parts of the Pannonian Basin (Van Balen et al. 1999) whilst the Styrian Basin (Sachsenhofer et al. 1997) , the Vienna and East Slovak Basins (Lankreijer et al. For location see Figure 18 . For calculation, numerous constraints on the lithospheric structure and petrography, heat flow, strain rate and stress regime have been adopted (see details in Lankreijer et al. 1997; Sachsenhofer et al. 1997; Lenkey et al. 2002) . Note the nearly complete absence of mantle strength predicted by the model. (b) Total integrated lithospheric strength (TIS, in 10 13 Nm
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) along a regional profile through the Pannonian-Carpathian system (Lankreijer 1998) . (c) Schematic cross-section showing the non-uniform stretching of the Pannonian lithosphere and its effect on depth-dependent rheology. The thickness of the crust (c) and mantle lithosphere (m) is reduced by the stretching factors of d and b, respectively, in the basin centre. The ascending asthenosphere is heating up the system, the isotherms become significantly elevated. As a result, the thinned and hot Pannonian lithosphere become extremely weak and, thus, prone for subsequent tectonic reactivation . 1995) and the Transylvanian Basin (Ciulavu et al. 2002) , were uplifted by several hundred metres starting in late Mio-Pliocene times (Fig. 19) . The mode and degree of coupling of the Carpathians with their foreland controls the Pliocene to Quaternary deformation patterns in their hinterland, and particularly interesting, in the Transylvanian Basin (Ciulavu et al. 2002) . During their evolution, the Western and Eastern Carpathians were intermittently mechanically coupled with the strong European foreland lithosphere, as evidenced by coeval deformations in both the upper and lower plate (Krzywiec 2001; Maţenco & Bertotti 2000; Oszczypko 2006 ). In terms of coupled deformation, the Carpathian Bend Zone had two distinct periods during its Cenozoic evolution, i.e. Early-Middle Miocene and late Miocene -Quaternary (see Matenco et al. 2007 for a detailed discussion). During the first period, the orogen was decoupled from its Moesian lower plate during the middle Miocene (Badenian) as evidenced by contraction in the upper plate (e.g. Hippolyte et al. 1999) and extensional collapse of the western Moesian Platform (Tȃrȃpoancȃ et al. 2003) . During the late Miocene, collisional-coupling between the orogenic wedge and the foreland increased and persisted to the present (e.g. Bala et al. 2003) .
Fission track studies in the Romanian Carpathians demonstrate up to 5 km of erosion that migrated since 12 Ma systematically from their northwestern and southwestern parts towards the Bend area where uplift and erosion was initiated around 4 Ma ago (Sanders et al. 1999) . This region coincides with the actively deforming Vrancea zone that is associated with considerable seismic activity at crustal levels and in the mantle. These findings can be related to the results of seismic tomography that highlight upwelling of hot mantle material under the Pannonian Basin and progressive detachment of the subducted lithospheric slab that is still ongoing in the Vrancea area (Wortel & Spakman 2000; Wenzel et al. 2002) . Moreover, in the internal parts of the Carpathians, magmatic activity related to slab detachment decreases systematically in age from 16-14 Ma in their northern parts to 4 -0 Ma in the Bend Zone (Nemcok et al. 1998 ). As such it tracks the uplift history of the Carpathians that can be related to isostatic rebound of the lower plate upon slab detachment. These rapid differential motions along the rim of the Pannonian Basin and in the adjacent Carpathians had important implications for the sediment supply to depocentres, as well as for the hydrocarbon habitat (Dicea 1996; Tari et al. 1997; Horváth & Tari 1999) .
Results of forward basin modelling shows that an increase in the level of compressional tectonic stress during Pliocene-Quaternary times can explain the first-order features of the observed pattern of accelerated subsidence in the centre of the Pannonian Basin and uplift of basins in peripheral areas. Therefore, both observations (see Horváth et al. 2006) and modelling results lead to the conclusion that compressional stresses can cause considerable differential vertical motions in the Pannonian -Carpathian back-arc basin orogen system.
In the context of basin inversion, the sources of compression were investigated by means of finite element modelling (Bada et al. 1998 (Bada et al. , 2001 . Results suggest that the present stress state of the Pannonian -Carpathian system, and particularly of its western part, is controlled by the interplay between plate boundary and intraplate forces. The former include the counterclockwise rotational northward motion of the Adriatic microplate and its indentation into the Alpine -Dinaric orogen, whereas intraplate buoyancy forces are associated with the elevated topography and related crustal thickness variation of the Alpine -Carpathian -Dinaric belt. Model predictions indicate that uplifted regions surrounding the Pannonian basin system can exert compression of about 40 -60 MPa on its thinned lithosphere, comparable to values calculated for far-field tectonic stresses (Bada et al. 2001) . The analysis of tectonic and gravitational stress sources permitted to estimate the magnitude of maximum horizontal compression, amounting to as much as 100 MPa. These significant compressional stresses are concentrated in the elastic core of the lithosphere, consistent with the ongoing structural inversion of the Pannonian Basin. Such high-level stresses are close to the integrated strength of the system, which may lead to whole lithospheric failure in the form of large-scale folding and related differential vertical motions, and intense brittle deformation in the form of seismoactive faulting.
Conclusions
In this paper we have demonstrated that poly-phase deformation of compressional nature is a common feature in the post-rift evolution of many passive margins and rifts. The compressional mode of deformation in these sedimentary basins, originally formed by extension in an intraplate setting, is characterized by a spectrum of spatial wavelengths spanning several tens of kilometres up to several hundreds of kilometres Sokoutis et al. 2005) . Results from numerical and analogue modelling support a key role for lithospheric folding in the compressional reactivation of passive margins and extensional basins. The actual mode of compressional deformation appears to be strongly affected by the evolution of the rheological structure of the underlying lithosphere, the level of the regional intraplate stress field, and the geometry of the rifted basin configuration prior to late-stage compressional reactivation. The interplay of plumes and intraplate compressional deformation can lead to temporal transitions from basin inversion to lithospheric folding (Cloetingh & Van Wees 2005) . These compressional modes of post-rift deformation lead to substantial differential vertical motions and late-stage anomalies in subsidence and uplift patterns.
